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Seismic detection of transient changes beneath Black Rapids
Glacier, Alaska, U.S.A.: I. Techniques and observations
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ABSTRACT. To gain new insight into the mechanisms of basal motion, we have
demonstrated the feasibility of an active seismic technique to measure temporal changes
in basal conditions on sub-hourly time-scales. One region of the bed of Black Rapids
Glacier, Alaska, U.S.A., was monitored for a period of 45 days using seismic reflections.
The majority of these reflections were nearly identical. However, three significant anoma-
lies were recorded several days apart. These corresponded with the englacial drainage of
two ice-marginal lakes and one supraglacial pothole, cach up-glacier of the study site, as
well as dramatic increases in basal motion. Two of these seismic anomalies revealed iden-
tical changes over 1 km” of the bed despite the fact that their drainage events occurred at
different locations. Further, these two seismic anomalies were followed by records identi-
cal to the non-anomalous state, showing that the seismic changes were reversible. In one of
these events, two records taken 36 min apart revealed that the transition between the
anomalous and normal states occurred completely within this short interval.

INTRODUCTION sources, have been used to estimate the deformational com-
ponent of glacier speed, and thus infer the component of
motion at the bed, on Taku Glacier, Alaska (Nolan and
others, 1995), and Jakobshavn Isbra, Greenland (Clarke and
Echelmeyer, 1996). Active seismic methods have also been

An understanding of basal motion is essential 10 many
studies of glacier dynamics, including those of ice-stream
flow. glacier surges and seasonal and short-term velocity : ; , .
: S Y S o used to investigate basal and englacial layer properties over
fluctuations. However, the difficulties of directly observing : 3t 2 G L ke
extensive regions of Antarctica (e.g. Bentley, 1971). Similar

the basal interface have left the mechanisms of such motion . :
methods have been employed to determine the thickness,

obscure, and our understanding of the processes occurring i s . e
porosity and eflective pressure of subglacial tills” beneath

Ice Stream B (Blankenship and others, 1987), as well as their
spatial variation (Rooney and others, 1987; Atre and Bentley,
1993). Such measurements have also been made on Rutford
Ice Stream, Antarctica (Smith, 1997). In a study similar to
ours, seismic reflection methods have been used to observe

at the bed is still far from complete. Boreholes, caves and
tunnels provide a means to observe the bed on a local scale,
but they are often logistically unfeasible, and can affect the
dynamics. For instance, a single borehole is not a reliable in-
dicator of the spatial extent of subglacial changes, and it

may disturb the existing subglacial drainage system by in- ;
: § changes that occurred between pre-surge and surge condi-

tions at the bed of Variegated Glacier (Richards, 1988).

In 1993 we applied seismic reflection techniques to inves-
tigate changes at the bed of Black Rapids Glacier, Alaska
(Fig. 1), during its annual spring speed-up, and during sub-

troducing a new source for basal water. Aside from these
lacalized measurements, the bed of a glacier can be investi-
gated only after the ice leaves, or it may be imaged by geo-
physical methods such as electromagnetic or seismic
sounding.

i ; ) . ; sequent short-term velocity fluctuations. This glacier was
Seismic techniques have been used as a non-invasive a i .

; L . ‘ : i selected for study because it has a well-documented history
method to investigate basal motion over large areas on a ]

of large seasonal changes in basal motion (Heinrichs and

variety of glaciers, For example, passive seismic techniques 1 S . 5 -
others, 1996; personal communication from W, Harrison,

have been used to measure the extent and nature of sub- e i
- e e . . 1993). These seasonal changes appeared to occur on a reli-
glacial and englacial seismic events related to glacier motion i
on Ice Streams B and C, West Antarctica (Anandakrishnan ; : l tir bed & . :
5 : . extent of concomitant changes at the bed by comparing the
and Alley, 1997), and Variegated Glacier, Alaska, US.A. : = e - pariig
= properties of reflected seismic waves before, during and

able schedule, and our intent was to study the nature and

(Raymond and Malone, 1986), as well as to monitor events
related to iceberg calving (e.g. Wolfand Davies, 1986). Active
seismic measurements of ice thickness, using explosive

after this speed-up. The repeated measurements were made
at a high temporal resolution to pinpoint the timing and
location of basal changes, and thus to increase our under-

standing of the mechanisms of motion at the glacier bed.

" We use the term “till” herein, following Paterson (1994), 1o Our study was part of a larger project in which rescarch-
refer to any unlithified basal debris, whether glacially de- ers from the University of Washington, Seattle, U.S.A.,
rived or overridden material, such as incompetent fault conducted analogous radio-echo sounding (RES) investiga-
gouge beneath glaciers situated along major faults or mar- tions (Gades, 1998), and the outlet stream of the glacier was
ine sediments beneath tidewater glaciers. monitored for hydrological parameters (Cochran, 1995).
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From mid-May to mid-July, coincident with the geophysical
research, we surveyed ice motion twice daily (including
three-dimensional position and horizontal strain over
5km); mecasured vertical strain and passive seismicity
hourly near the survey site; monitored the outlet stream for
stage, conductivity and turbidity using automated equip-
ment; and occupied a stream camp continuously for related
studies. These data provide the background against which
comparisons of the geophysical data will be made. In this
paper we present only the seismic techniques and obser-
vations, focusing on their spatial and temporal changes. In
the companion paper (Nolan and Echelmeyer, 1999; de-
noted as N&E) we give an interpretation of these seismic
observations in terms of subglacial morphology and the
mechanisms of seismic change.

BLACK RAPIDS GLACIER: MOTION HISTORY
AND DRAINAGE EVENTS

Black Rapids Glacier is a surge-type glacier in the central
Alaska Range. Much of it lies in an east-west valley along
the Denali Fault, a major tectonic fault extending for several
hundred km through the Alaska Range. Motion along this
predominantly strike slip fault has placed granitic rocks
adjacent to metasediments across the fault (Nokleberg and
others, 1992) and has caused a loss of competency of the
rocks directly on the fault. It is interesting that three other
large surge-type glaciers (Susitna, West Fork and Yanert
Glaciers) lie along this fault just to the west (Harrison and
others, 1994); these glaciers appear to surge every 50—
70 years (Clarke, 1991).

The glacier is about 43 km long, with an area of 246 km”,
It flows from an elevation of about 2500 m to a terminus at
about 1000 m, with an average surface slope of about 2.3°
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Fig. 1. (a) Map of Black Rapids Glacier, Alaska. The
glacier is shown with its center-line coordinaltes, beginning
with 0 km al the head. Lake locations are labeled with Roman
numerals in the order that they drained in summer 1993, (b)
An enlargement of the 16 km study area.

(Heinrichs and others, 1996). Center-line ice thickness 18
about 630 m near our field site (Fig. 1). The glacier is tem-
perate (Harrison and others, 1975), and it is situated in the
cold, dry continental climatic regime characteristic of
interior Alaska.

Black Rapids Glacier last surged in 1936-37 (Hance,
1937), and relic moraines indicate that previous surges have
crossed the current location of the Trans-Alaska Pipeline and
amajor highway (Reger and others, 1993), closing off the val-
ley and damming the Delta River (Fig. 1). Since its last surge,
the glacier has thinned by up to 220 m near the terminus,
while thickening by about 50m on the upper glacier (K.
Echelmeyer and W. Harrison, unpublished data, 1996).

Average center-line surface speeds in the neighborhood
of our field site (Fig. 1) are about 55-65ma ! Based on a
20 year record of surveying (Heinrichs and others, 1996)
and 15years of time-lapse photography (personal
communication from W. Harrison, 1993), we know that the
average annual velocity in the region between 14 and 20 km
(Fig. 1) varies by about 50% (30 ma 5 possibly periodically.
The scasonal fluctuations in speed mentioned above are
superimposed on these longer-term variations, with speeds
in spring and early summer being about 100-300% faster
than those in winter, as averaged over a few weeks. The
spring transition in speed occurs abruptly within about
1day, and the velocity generally remains high for 24 weeks.
Afterwards there is a slow decay to a minimum in late
summer, followed by a gradual increase through the winter.
This spring speed-up usually occurs between 1 and 10 June.
All of these variations in speed are due primarily to changes
in basal motion (Heinrichs and others, 1996).

Unfortunately, in 1993 the spring speed-up occurred
about two and a half weeks earlier than expected (22
May), on the day that our seismic monitoring began. How-
ever, during the subsequent measurement period we
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observed three jokulhlaups ™ up-glacier of our monitoring

site.  Associated with each jokulhlaup was a period of

increased glacier speed, with up to a four-fold increase in
speed during each event, as well as up to 15 cm increases in
surface elevation (Fig. 2). The high speeds lasted about 1 day
each, while the elevation changes varied in duration (Fig, 2).
Such events appear to be annual phenomena (Sturm and
Cosgrove, 1990; Raymond and others, 1995 Truffer and
others, 1996). For a period of about 45 days encompassing
these events, we made nearly daily seismic reflection surveys
of one section of the bed that was affected by these transient
water inputs. This paper describes the seismically detected
changes at the bed that occurred during these events.
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Fig. 2. Surveyed speed of Black Rapids Glacier near 16 km in
1993. The initial spring speed-up occurred about day 142 (22
May), following a storm. The three peaks in speed labeled
with Roman numerals correspond to drainage of the lakes
wdentified in Figure 1. Elevation change is calculated from
the vertical coordinate minus the mean decrease throughout
the summer due to surface slope.

The three jékulhlaups varied in size, location, drainage
method and glacier-dynamic effects. We observed the first
and third jokulhlaups, located at ice-marginal lakes on the
north side of the valley (labeled I and TIT in Fig 1), and
afterwards completed maps of their empty basins. About
10°m? of highly turbid water drained from each. The sec-
ond jokulhlaup, located at a supraglacial pothole (1T in Fig,
I, was not directly observed nor was its basin surveyed
afterwards. No more than about 10° m* of clean meltwater
drained from this pothole, but other nearby potholes may
also have drained at the same time.

SEISMIC BACKGROUND AND METHODS
Wave types and speeds

Seismic waves are characterized by the type of particle
motion they induce through a medium (Fig. 3). The direc-
tion of particle motion for compressional (P) waves is the
same as wave propagation, whereas for shear (S) waves it is
perpendicular. S-wave particle motion can be decomposed
into vertical (SV) and horizonal (SH) polarizations.

Upon reflection of a P-wave at non-normal incidence,
some of the incident energy is converted to SV motion (Fig,
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Fig. 3. Schematic of seismic waves. Heavy arrows show direc-
tion of wave propagations; light arrows show direction of par-
licle motion. SH particle motion is into and out of the page.

3), and vice versa, SH motion does not undergo such conver-
sion. Unlike P-waves, S-waves are often difficult to generate
with explosives, and thus converted P-to-SV (P-SV) reflec-
tions may be the only means to study S-wave response. This
was true in our study: no useful S-waves were generated by
our sources.

In addition to these reflected and converted waves, two
direct waves (traveling from the source to the geophones
along the ice surface) are often recorded: a direct P-wave
and a Rayleigh wave (also known as “eround roll”), The
latter is considered coherent noise in this study:

The speeds of P- and S-waves, Vp and Vg, respectively, in
temperate ice are not well constrained, They are sensitive to
the amount of liquid water at the grain boundaries (Réthlis-
berger, 1972). The speeds in colder ice, where little water is
present, are much better determined. The wave speeds for
temperate ice that we use in this paper were derived from
data obtained during our project, as described in Appendix
A. In particular, we found an average P-wave speed of Vp =
3704ms ', which is at the upper end of the range recom-
mended by Rothlisberger (1972, p. 20) of 3600-3700 ms .

Experimental design

In his study of the 1982 surge of Variegated Glacier,
Richards (1988) showed that P-SV reflections would change
polarity in response to the development of water layers as
thin as 0.1 m, whereas P-P waves would remain virtually un-
affected. Such thin water layers are hypothesized to occur in
a system of linked cavities over a wide area during surges
(Kamb and others, 1985) and may exist beneath part of
Black Rapids Glacier during non-surging flow (Raymond
and others, 1995). Since we expected the changes causing
the spring speed-up to be related to increased water at the
bed, our experimental set-up followed Richards’ emphasis
on recording P-SV reflections. However, instead of seismic
recordings made almost 1 year apart (pre-surge and surge
conditions), we made daily measurements, allowing us to
observe changes over the short time intervals inherent in
spring speed-ups.

Recording P-SV reflections requires large shot-receiver

" Here we follow Paterson’s (1994, p.127) definition of jokul-
hlaup, because sentence continues after defining clause
“the sudden and rapid draining of a glacier-dammed lake
orof water impounded within a glacier”, and use “drainage
event” to include all survey, seismic and hydrologic anoma-
lies apparently caused by a jokulhlaup.
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offsets because the conversion is weak at near-normal inci-
dence. To accommodate such large offsets, we placed the
shot-receiver axis in the direction of glacier flow, near the
valley center line (Fig. 1). Our shot-receiver offset was
chosen so that we would clearly record P-SV reflections, as
well as direct, reflected and multiple P-waves, without sig-
nificant interference from the ground roll. The smallest oft-
set which met these criteria was 1350 m, giving nominal
incidence angles (@ in Iig. 3) of 45 557 for the reflections,
as discussed below; we did not find P-SV waves as useful as
P-P waves for our interpretations, so smaller offsets could be
used in future work. The actual shot locations varied within
a 5m radius of 1350 m to avoid excessively fracturing the ice
at a single location and thereby potentially changing the
source characteristics among the approximately 100 shots
taken there.

The seismic data were recorded using a 12 channel Bison
7012 seismograph, with a 0.25 or 0.5 ms sample rate and a
record length of 0.5 or 1.0s, respectively. High-frequency
geophones, with a linear response from about 14 to 400 Hz,
were used throughout the study. Shots were typically 0.7 kg
of nitroglycerine-based explosive (trade names: Gelmax or
Unimax), and were placed about 1.5 m below the ice surface.
As a potential alternative to dynamite, we experimented
with a sled-mounted “Thumper” unit, which used an enor-
mous rubber band and hydraulic pistons to slam a weight
onto a metal plate on the ice. This system did not release
enough energy into the ice to create usable results even with
multiple stacking of the records. Radio triggers provided
the timing between shot detonation and seismograph re-
cording; these were the cause of variable and intermittent
timing delays, as described below and in Appendix B.

Both vertical and horizontal geophones were deployed.
The vertical geophones are optimal for recording P-waves,
and the horizontal geophones, oriented parallel to the shot-
receiver axis (“radial” orientation), are optimal for SV waves
(Fig. 3). Two parallel cables of 12 geophones each (one of ver-
tical and one of horizontal geophones) were deployed such
that one geophone from cach cable was placed in each of 12
snow pits, dircctly on ice. The pits (initially 2.5 m deep) were
about 27 m apart, yielding a total spread length of 300 m.
Except for occasional resetting due to ice- and snowmelt,
and occasional reorientation of the horizontal geophones to
record SH waves, the geophones remained undisturbed for
the duration of the study. The geophones farthest from the
shot (1650 m offset) are labeled geophones 1V and 1H, for
the vertical and horizontal cables, respectively; those closest
to the shot (1350 m offset) are 12Vand 12H.

There were primarily two types of seismic data collected
for this study; we refer to them as the daily and longitudinal
datasets. The daily set consists of 38 and 44 records from the
vertical and horizontal geophone cables, respectively, all
with a nominal offsct of 1350 m from geophone 12. We at-
tempted to make one record per day on each cable; bad
weather, misfires and timing errors account for the different
number of measurements. As our emphasis was on record-
ing P-SV waves, we made the horizontal measurements first.
If the timing was bad, we sometimes opted to make a second
measurement with those geophones. Such was the case on
day 175, and this resulted in a very fortuitous experimental
result, as described below. The longitudinal dataset consists
of a total of four longitudinal sections for each of the two
geophone orientations, collected at different times through-
out the summer. These longitudinal measurements were
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made by leaving the geophones in place at their “daily”
locations, and moving the shot down-glacier in 300 m incre-
ments (one geophone-spread length) for a maximum offset
of 4500 m from geophone 12; the sections varied in number
of shots and longitudinal coverage. The objective of the
longitudinal data was to better identify the type of waves,
the wave speeds and the location of the reflectors, as well to
constrain the longitudinal extent of any subglacial changes.

Two types of timing errors affect our results. Our data
collection suffered from a variable and intermittent delay
that caused the seismograph to turn on 0—150 ms after shot
detonation. This error affected both daily and longitudinal
datascts. The accuracy of any analyses that compare records
from two or more shots is therefore limited by our attempt to
shift each record to the common-zero time of shot detona-
tion. We used a combination of techniques for this shifting,
as described in Appendix B, and we estimate their com-
bined accuracy to be £1ms. As a simple means to provide
timing synchronization between the daily horizontal and
vertical shots, albeit in a limited way, we traded one hori-
zontal geophone for a vertical one at location 12. Thus cach
cable had 11 geophones of one orientation and one of the
other. This allowed us to correct for any timing shifts due
to the shape of the recorded waves.

Once the seismograph was triggered, the timing accu-
racy was limited only by our ability to distinguish the signal
(e.g. arrival times and amplitudes) from the noise. We did
this digitally, and believe such measurements arc accurate
to +1ms. The seismic data were filtered with a 32-1000 Hz
bandpass filter prior to recording in an effort to minimize
the effects of the low-frequency ground roll.

WAVE IDENTIFICATION AND REFLECTOR
MIGRATION

We were able to identify the type of waves present by com-
paring the arrival times of the observed waves along the
geophone spread (the so-called “move-out™) to theoretical
time—distance curves (also known as travel-time curves).
Preliminary identification was made in the field using a nor-
malized time—distance chart (Réthlisberger, 1972). The seis-
mograms in Figure 4 are examples of our longitudinal data.
The superimposed time-distance curves were calculated
using a simple geometry with ice of a uniform thickness over
bedrock. We used these curves to identify the most coherent
P-P, P-SV, and multiple P-P (P-P P-P) waves in the scismo-
grams, as well as the direct P-wave and ground roll. As can
be seen in these figures, there are often several waves of each
type in the longitudinal sections. They come from different
parts of the valley bottom and walls, as identified below.
This multitude of different waves is a feature of seismic re-
flection studies on valley glaciers, due to the bed’s curved
shape, and is not commonly found on ice sheets.

Several coherent P-P and P-S8V waves show up in only
limited sections of the records, and some are unaccounted
for by time—distance curves (Fig 4). In addition, the corre-
spondence between the labeled waves and their respective
time distance curves is not exact, because the subglacial
valley, which comprises the envelope of the reflectors, is
characterized by ridges and troughs, not the smooth, flat
surface we assume for calculations.

Knowing the three-dimensional locations of the reflec-
tors, especially those seen in the daily records, is essential
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Fig 4. Longitudinal cross-section using (a) horizontal and
() vertical geophones. Superimposed lines represent the the-
oretical time—distance curves for various waves. Annotated
lengths are one-way distances belween a reflector and the
shot=receiver axis at the ice surface. Note that axes limits differ
between (a) and (b ).

for a complete glaciological interpretation of any ohserved
changes in them. The approximate longitudinal locations
of the daily P-P, multiple P-P, and P-SV reflectors are shown
in Figure 5, obtained by ray-tracing the first arrivals of cach
type of wave to each geophone. The bed was specified by
RES (personal communication from T. Gades, 1994); RES
data work well for this purpose because of their high spatial
resolution. This migration is strictly valid only for reflectors
located along this center-line profile.

We can estimate the spatial extent of seismically
observed changes at the bed by estimating the horizontal
resolution of each geophone. Horizontal resolution is typi-
cally described in terms of the constructive interference that
would occur if two reflections from nearby reflectors arrive
at a geophone within one half-cycle of each other. For nor-
mal incidence, assuming a planar interface, all reflections of
a spherical wavelront from within a circle of radius
(AH/2)'* should constructively interfere, where H is ice
thickness. This circle defines the horizontal resolution
(Sherifl and Geldart, 1995). In our case, A in ice is about
45 m and H is about 450-600 m, yielding a radius of about
100~ 120 m. Thus, any subglacial layers that we observe seis-
mically should be fairly continuous over an area of about
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Fig. 5. First-arrival ray-tracing for daily-shot geometry. (a)
P-P and P-SVrays. (b) The same rays with multiple P-P
waves. The P-P reflector does not overlap with the others, sug-
gesting that changes in P-P measurements may occur indepen-
dently of P-SVor multiple P-P measurements.

40 000 m” for each geophone. The sampled area for adjacent
geophones will often have some overlap, but we might ex-
pect that a reflected wave arriving at cach of the geophones
along the 300 m long array would illuminate a region on the
order of 200m wide by 350 m long. The irregular bottom,
however, may cause this illuminated area to be discontinu-
ous, as described below.

Figure 5 indicates that the reflectors are distributed over
a 1300 m length of the bed, and that the irregular bottom,
combined with the large shot-receiver offset, results in re-
flectors for the different wave types that do not overlap.
Therefore, comparisons of changes in P-P and multiple P-P
refllections, for example, require caution because they rep-
resent different parts of the bed and the reflectors may be
allected differently as subglacial conditions change. The P-
P reflections come from a section of the bed about 650 m
downstream of geophone 12. The P-SV and multiple P-P re-
flectors, unlike the P-P, are unevenly spaced compared to
the surface spacing of the geophones, and they may lie on
both the lee and stoss sides of bumps in the bed, as shown
in Figure 5. Again, since such reflectors might be affected
differently, two geophones 27 m apart on the surface may
be recording changes within two independent subglacial re-
gimes. As we will later show, the measurements of both P-
SVand multiple P-P waves reveal that some of the reflectors
were in fact topographically discontinuous and each region
was alfected differently.

Even though the shot, the geophone array and a reflector
will typically lie within a single plane, that plane may not be
vertical, requiring additional information from outside the
plane to locate it. We determined the transverse position of
the reflectors by comparing the radial distance of a reflector
measured on the time—distance curves (Fig. 4) to a trans-
verse cross-section of the study area measured by seismic re-
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flections and RES (Fig. 6) at the approximate location of the
P-P reflectors shown in Figure 5 (650 m down-glacier from
geophone 12). The radius of each of the three semicircles in
Figure 6 is equal to the distance from the shot-recciver axis
to the three P-P reflectors N, C and S labeled in Figure 4
they are the loci of all possible locations for each of the re-
flectors (assuming travel through ice only). Note that the an-
notated distances are not depths; instead they are distances
from the shot-receiver axis at the ice surface. Barring any
unlikely englacial reflectors, reflection N (corresponding to
a distance of 540 m) is unambiguously located about 350 m
north of, and 100 m above, the deepest part of the bed (Fig.
6), at a depth of about 500 m. This lack of ambiguity is
important as nearly all the morphological interpretations
made in N&E rely on changes to P-P waves observed at this
location.

North snm.:xai:ewer et
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& a00- . = %
(=] 400~ 2 \ "
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Transverse Distance (m), looking downglacier

Fig. 6. Transverse cross-section of Black Rapids Glacier near
16 km. The vertical lines represent the horehole locations, pur-
posefully selected to match seismic reflector locations used i
this study. The semicircles represent the loci of the reflector
locations for the P-P waves annotated in Figure 4. The dashed
lines represent the most likely reflector locations for these
waves.

The locations of the two other P-P reflectors, C and S,
are more ambiguous because their loci have two intersec-
tions with the bed. From Snell’s law, we know that the tan-
gent to each circle must be parallel to the transverse slope of
the bed for a reflection to be recorded. Figure 6 shows the
intersections that best meet this condition for reflectors C
and S. This figure shows the significance of labeling these
reflections N, C and S: north, center and south (or PPy,
PP, and PPy). Reflection PP¢; comes [rom the center of the
valley at a depth of about 600 m, and reflection PPg prob-
ably comes from a point about 350 m south of the center line
at a depth of 550 m. It is possible that one or both of these
waves traveled through a subglacial layer that has a slower
wave speed (e.g till) for part of its path. In that case, the
radius of its reflection locus would be decreased somewhat.
On the other hand, if these reflections came from the top of
a subglacial layer, other reflectors could be beneath; such re-
flections are impossible to identify confidently, yet they
would contribute to the complex suite of P-P reflections
shown in Figure 4.

The angles of incidence of these P-P reflections at the
subglacial interface are important for later interpretation
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(N&E). Because of the large shot-receiver offsets and the
measured ice thickness, we expect these angles to be about
45-50°, which cannot be taken as “near-normal” incidence
(i.e. near zero) in any analysis. To obtain a more accurate
value for the angle of incidence for reflection PPy, we utilize
the move-out of its unobscured arrival times to calculate the
slope of the basal interface relative to the surface following
the migration procedures developed by Clarke and Echel-
meyer (1996). This method shows that reflector PPy was in-
clined upward about 2°, This implies an angle of incidence
ol about 49-54" for the rays recaching geophones 12—1, re-
spectively. The incidence angles for reflection PP were esti-
mated from ray tracing (Fig ), and were in the range 47-
53 across the geophone line. For PPg, they were estimated
to be 44-49° .

The travel time of the brightest P-SV reflection (labeled
in Fig. 4) corresponds to a distance of about 620 m from the
shot-receiver axis, implying that this reflector is probably
located near the deepest point of the cross-section, similar
to reflector PP¢.. An earlier, unlabeled P-SV reflection, with
a 550 m distance, is probably situated along the northern
valley wall at a location similar to PPy in the cross-section.
Again we note that these P-SV waves need not come from
the same longitudinal position as the corresponding P-P re-
turns, as shown in Figure 5a.

To summarize, our analysis shows that there are three
prominent P-P reflections: the one labeled PPy comes from
the north side of the valley about 100 m above the deepest
part of the channel (500 m depth); the one labeled PP
comes from the near-deepest part of the channel (about
610 m) near its center line; and the one labeled PPs comes
from the south side at about 550 m depth. There are also rel-
atively strong P-SV and multiple P-P reflections that prob-
ably come from the deepest part of the channel. It is the
temporal changes in these reflections, particularly PPy, that
form the basis of our analysis of the basal morphology of
Black Rapids Glacier in N&E.

TEMPORAL CHANGES IN SEISMIC DATA

In undertaking these analyses, we found that there were two
major categories of daily records, which we label “normal”
and “anomalous” Although there was some variation
between the records within each category, the two cat-
egories are well distinguished. For most of the summer, the
records were nearly identical, with only minor variations.
The similarity in waveforms throughout the summer can
be seen in Figure 7, which shows all of the daily traces for
geophone 10H. Most of these traces show very few changes
in amplitude or timing throughout the summer; these are
the “normal” records. Only those associated with the drain-
age and motion events are “anomalous™ they occurred on
days 165167, 169171 and 175. At first glance, the differences
between these two record types are not large, but they are
significant. We first describe the analysis methods, and then
the distinguishing features of the normal and anomalous
records.

Since neither the absolute timing (due to faulty triggers)
nor the absolute amplitudes (due to variable source cou-
pling) could be compared directly between traces, both of
these values were then normalized using another wave in
the same trace. However, it should be noted that source
coupling was remarkably uniform throughout the study
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Fig. 7 Gather of traces from horizontal geophone 10 throughout summer. These are raw data with no amplitude modifications or
Sultering. For most of the summer, the measurements are nearly identical. Significant changes are apparent on days 169171 and
day 175.688. Also apparent, at the lower right, is the increase in ground roll speed due to decreasing snow thickness. Measurements
on days 180 and 184 are different because the geophone was temporarily reoriented to measure SH waves.

period, as can be seen in Figure 7, and this normalization
was minimal. Quantitative comparisons of the changes in
arrival time (e.g. Fig. 8a) and amplitude were then made.
This was done with most combinations of the direct,
reflected (P-Pand P-SV) and multiple waves, realizing that
normalizations using reflected waves are of questionable
validity because their reflectors are at different locations.

Cross-correlating daily records was another effective
way (o quantitatively characterize their similarity. The set
of daily traces at a given geophone was analyzed by compar-
ing: (1) every trace with every other trace, (2) every trace
with a single “typical” trace, (3) every trace with the average
of all the traces at that geophone, or (4) each trace to the
preceding trace. Different effects were illuminated by each
method, but we found the fourth most useful. Fieure 8b and
¢ are examples of the fourth cross-correlation method: com-
paring each geophone’s recording to that of the preceding
day. The mean corrclation over all 12 geophones for each
daily record is shown.

Digitally overlaying two records often proved to be the
most useful technique for determining the nature and extent
of the differences between them, particularly on days when
large-scale changes occurred at the bed. On such days, com-
parisons of the amplitude of a particular wave had little
value because it was often not clear if the same reflections
were still being compared. Examples of such a comparison
are shown in Figure 9.
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Features of the normal records

There were no trends in arrival times for the various waves
in the normal records. Figure 8a shows the difference in ar-
rival time between the direct P-wave and the PPy for all
horizontal geophones, along with their mean for cach seis

mogram (heavy circles). This pattern is typical of both ver-
tical and horizontal geophones. The standard deviation of
these means (not including the outliers) is about 2 ms,
which is about the combined accuracy of our picking ability.
The prominent outliers in this figure are associated with
anomalous records. The apparent scatter of individual
traces about the mean for a particular day is real: the
move-outs of the direct and reflected P-waves are not the
same, so each geophone records a slightly different time
difference.

In general, there were few trends in the amplitudes of
the various waves in the normal records. Those trends that
we did identify were apparent only on the horizontal geo-
phones; the vertical geophones showed almost no coherent
changes. These include: (1) the P-P to P-SV amplitude ratio
gradually decreased throughout the summer; (2) the ratio of
P-P to multiple P-P increased after the second Jokulhlaup
(day 169), primarily due to a change in the multiple P-P; (3)
the P-SV to multiple P-P amplitude ratio increased after day
169; and (4) in general, most of the amplitude ratios show
more scatter after day 169. Here P-P refers (o reflection N,
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Fig. 8 Examples of timing and cross-correlation analyses. (a)
Plot of the difference in arrival times of direct P-wave and first
P-Parrival: light circles are from individual traces and dark
circle is the mean of all the traces. Several records are missing
because the direct P-wave was not recorded. (b, ¢) Cross-cor-
relations were made of each trace to the previously measured
trace { e.g. trace 10 on day 158 to trace 10 on day 157), and the
mean of these cross-correlations for all 12 traces for each sets-
magram is shown for the ( a) horizontal and (b) vertical geo-
phones. Although not resolved in (b ), there are two data points
on day 175, each with a correlation coefficient of about —0.05;
no measurements were made using the vertical geophones on
day 175.

P-SV to the 620 m P to SVreflection, and multiple P-P to the
most prominent (630 m) P-P wave multiple. We might ex-
pect to find some variations as the geophones were dis-
placed relative to the bed by glacier motion throughout the
study period (a total of about 12 m), yet such changes are m-
possible to predict.

We distinguished the effects of such daily motion from
those related to changes in basal conditions using cross-cor-

relations. By selecting one particular day as a standard for

comparison (technique 2 in the previous subsection), we
found that the greater the time interval between two
records, the more dissimilar they were (that is, their corre-
lation coeflicient was reduced). This trend was linear with
the number of days between the records, and thus was not
related to temporal variations in basal conditions.

We eliminated the effects of this daily motion by com-
paring each trace to the previous one (technique 4 in the
previous subsection), which highlights the difference
between successive records. Results of this correlation over
the study period for the vertical and horizontal geophones
are shown in Figure 8b and ¢, respectively. Most of the
records have a cross-correlation coefficient with the pre-
vious record of 075 or higher; these “nearly identical”
records are the normal ones. There is somewhat more varia-
tion in the horizontal geophone records,

There are several “normal” records that have a cross-
correlation coefficient less than 073, but extenuating cir-
cumstances apply in each of these cases. For example,
records from days 144 and 146 have a poor ice shot cou-
pling, and all waves, including the direct P-wave and
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ground roll, are of a lower amplitude, as can be scen in Fig-
ure 7. This lower amplitude causes slight differences in wave-
forms, and thus a weaker correlation. Measurements made
on days 180 and 184 have low coeficients because several of
the geophones on each geophone cable were temporarily
switched or reoriented to study local effects, causing some
traces to be inverted (Fig 7). Inspection of these records
using overlays reveals that they too are “normal” once these
experimental discrepancies are accounted for.

Overlays of two such normal records highlight their
similarity (Fig, 9a). The cross-correlation between the two
records overlaid in this figure was about 0.9. No amplitude
scaling was applied; this shows that the sourcefice coupling
was nearly equal for the two records, as was typical
throughout the summer. The measurement on day 159 is
missing several of the direct waves because of an error in
timing.

Features of the anomalous records

There were only three periods throughout the summer
when significant changes in the seismic reflections were
observed. We refer to these as anomalies I-111; each corre-
sponds to one of the three lake-drainage events. Unfortu-
nately, no longitudinal cross-sections were made during
these events and therefore none could be used to constrain
their longitudinal extent.

Anomaly I

There were several changes associated with the first jokul-
hlaup, on days 165 167. In Figure 9h, which compares day
166 (anomalous) to day 139 (normal), reflection PPy was
unaffected (Figs 7 and 9b), but there were minor changes
to PP¢ and larger changes to PPg, particularly on the hori-
zontal geophones. The latter appears to have changed
polarity, but this finding is somewhat ambiguous.

The early multiple (corresponding to a distance of
620 m from the shot-receiver axis, immediately preceding
the time-distance curve labeled “P-P P-P: 630 m” in Figure
9b) also appears to have changed polarity following the first
drainage event. The later multiple appears only slightly
shifted, with perhaps a minor increase in amplitude. The
changes in these multiples were smaller on the horizontal
geophones, partly due, perhaps, to the fact that these P-
waves were much clearer on the vertical geophones. Minor
changes were observed on the horizontal geophones for the
620 m P-SV wave.

Anomalies 1 and 11T

Seismic anomalies were observed following the second and
third jokulhlaups as well. The changes from the normal
records were more prominent than those observed during
anomaly 1. It appears that each of the three P-P reflectors
was affected, as well as the multiple P-P and P-SV waves;
these reflectors span the entire 700 m by 1300 m study area
(Figs 5 and 6). These anomalies, on days 169-171 and then on
day 175, were nearly identical despite being separated by
normal records on days 173 and 174 (Fig. 9¢—¢), so we discuss
their changes together. Two measurements were made using
the horizontal geophones during the early part of the third
lake-draining event: the first was anomalous and the sec-
ond, 36 min later, was completely back to normal (days
175688 and 175713, respectively, in Figure 7). There are
several interesting features of these anomalous records, and
it is these anomalous features that give us the most definitive
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(day 166, heavy) to anormal day (day 158, as in (a) ). Several changes are apparent in the later-arriving P-P waves and in the P-
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day ( day 159), using horizontal geophones. Major changes are apparent in almost all of the waves. Horizontal and vertical geo-

phones did not change identically during this anomaly ( e.g. slight changes are apparent on the 630 m P-S wave on the horizontal

geophones, but much larger changes are observed on some of the vertical geophones). (d) Overlay comparison of anomaly 11

(heavy) to a normal day, using vertical geophones, from the same days as in (¢ ). (Continued ....)

constraints on the changing morphology of the basal inter-
face.

The first P-P arrival on these anomalous records was
about 10 ms later than normal (Figs 7, 8a and 9¢; no data
points exist for days 170 and 175.688 in Iigure 8a because
no direct P-wave was recorded due to timing errors). This
Sirst P-Parrival no longer originates from reflector N. 1f it did, the
10 ms increase would require either that the ice thickened by
over I7m in one day or that the bulk-ice wave speed tem-
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porarily dropped by almost 150 m s ! while the near-surface
wave speed remained constant. Neither scenario is plausi-
ble, especially given the 36 min time constraint. This new
first arrival may be {rom a new reflector, the second arrival
in the normal records, and/or [rom the bottom of a basal
layer beneath reflector N. These possibilities are considered
in N&E.

Most of the subsequent reflections during anomalies 11
and IIl are also uncharacteristic of the normal records.
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The only seismogram from anomaly I, recorded by the hori-
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same anomaly Il selsmogram (day 171) shown in (c).
Although the direct P-waves were truncated due to timing
errors and several lraces were noisy due to melted-out geo-
phones, it is clear that the remaining measurements on day
175.688 are nearly identical to those of day 171. Superimposed
on all of the overlays are lravel-time curves of various waves
along with their one-way distance from the shot-receiver axis
lo the reflector, as annotated.

Several of the P-P waves scem to be phase-reversed from
those on the normal records, and they have changed in
roughly the same manner on both the vertical and horizon-
tal geophones. Of all the P-P waves, reflection PP¢, from
ncar the deepest part of the valley, appears to have changed
the least.

The change in the P-SV waves is different on the two or-
ientations ol geophones. On both, the first peak of the
earlier P-SV wave (corresponding to about 550 m distance
from the shot-receiver axis) decreases to near zero ampli-
tude, and the next peak may be phase-reversed. The second
P-SV wave (620 m distance) remains essentially unchanged
in amplitude or phase on the horizontal geophones, while it
is somewhat phase-shifted on the vertical geophones. These
two waves display complex structure. For example, the
shape of the anomalous 620 m P-SV wave (Fig. 9¢) some-
times has two peaks without an intervening trough. This
effect can only be caused through superposition of more
than one wave; interpretation of such changes would be am-
biguous. The changes to both P-SV waves are more pro-
nounced on the geophones closest to the shot, suggesting
that the reflectors for different geophone arrivals are located
in different subglacial regimes along the bed. This possibi-
lity is also suggested by Figure 5.

Significant changes were also observed in the P-P multi-
ple waves. On both the horizontal and vertical geophones,
the later-arriving, more prominent multiple appears to have
changed polarity and possibly increased in amplitude. The
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carlier multiple does not seem to have changed significantly
on the vertical geophones. Changes in polarity and ampli-
tude are apparent on the horizontal geophones with offsets
of 14501650 m, but not on the closer ones. As with the P-SV
waves, this suggests that this multiple results from discontin-
uous reflectors that are affected independently.

There are only minor differences between the anoma-
lous records from days 169-171 (event II) and day 175.688,
as is shown in Figure 9¢ and the cross-correlations in Figure
8b and ¢. The anomalous record from day 175 in Figure 9e is
missing the direct P-wave arrival because of timing errors,
but it has been shifted properly and is nearly identical to the
anomalous records from the previous event. Each of the re-
Mlections returned to normal after events I and 111, except
for the 620 m P-SV wave, which continued to have a slight
phase shift during the interval between the two events. That
these two anomalous records are separated in time by three
normal daily records and yet are nearly identical indicates
that the basal conditions existing after the second and third
jokulhlaups, which came from different lakes, were similar
over much of the bed and that the changes are the result of
similar processes.

It is significant that the seismic records during event I
were only slightly changed from normal ones, while those
during events IT and ITT were markedly different, especially
given the magnitude and timing of the associated glacier
motion events, as is discussed in the following section.

CORRELATION OF DRAINAGE, SURVEY AND
SEISMIC MEASUMENTS

The sequence of drainage events, seismic anomalies,
increased motion, and surface-elevation change is shown in
Figure 10. This figure allows us to constrain the duration of
the seismic anomalies, assuming that no changes occurred
between our measurements. As we will discuss, this assump-
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Fig. 10. Correlation of jokulklaups, increases in ice motion,
surface-elevation change and seismic anomalies. Estimated
initiation times of jokulhlaups are represented by thin verlical
lines with Roman numerals corresponding to those in Figures 1
and 2. Cireles at bottom represent “normal” seismic measure-
ments. Crosses and asterisks represent the two (ypes of anom-
alous setsmic measurements.
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tion should be regarded with caution. We use the initiation
of the jokulhlaups as a minimum estimate for the initial
time of a seismic anomaly.

The initiation of each jékulhlaup can be estimated fairly
accurately. In the early afternoon of day 164 we observed
water from the first lake draining through a channel cut into
its bank. This muddy water traveled down-glacier along the
ice surface, lilling several small lakes bordering the moraine
of'a tributary glacier, before entering a moulin. We estimate
that the water first reached the bed by day 1646 £0.1d, at
the latest. The second jokulhlaup was not observed, but we
did find a freshly drained supraglacial pothole 1day later;
automated camera data indicate that several such potholes
may have drained simultancously (personal communication
from W. Harrison, 1995. Our survey data show that
increased motion associated with this jokulhlaup began as
carly as day 168.5 and certainly by day 169.3. We closely
observed the third jokulhlaup, which emptied water directly
into a tunnel at the lake bottom, and estimate drainage on-
set at day 175.1 £0.2 days. These estimates are shown in Iig-
ure 10 as vertical lines,

All of the seismic records measured during the 3 days of’
the first drainage event showed some variation from normal
(shown with a cross in Figure 10). Although the next lake-
drainage event occurred hefore the records returned to nor-
mal, we assume that this first anomaly was reversible since
records following anomalies ITand TTT were back to normal.
Thus, we estimate the minimum duration of anomaly T as
the time between the first anomalous record and the last
record before the second jékulhlaup (2.1 days), and the max-
imum duration as the time between the initiation of the first
and second jokulhlaups (3.9 days) (Fig. 10), The last anoma-
lous record during event I was obtained at least 1day afler
the period of increased basal motion had ended (Fig. 10).

Several seismic records obtained after the second jikul-
hlaup began were anomalous (asterisk in Fig. 10); they were
followed by normal records until the initiation of the third
event. We estimate the minimum duration of this second
z:mr,nnuly as the interval between anomalous measurements
(1.9 days), and the maximum duration from the initiation of
draining to the next normal record (4.4 days). Our first
anomalous seismic measurement during this event occurred
after the increase in motion began, but we continued to
record anomalous measurements for another [ull day after
the glacier speed returned to the pre-drainage magnitude
(Fig. 10).

The third seismic anomaly was recorded during the
carly stages of the third jokulhlaup, but ended before the
increase in basal motion began (Fig. 10). We have only one
seismic record during this anomaly (asterisk in Fig. 10 on
day 175.688), and we therefore estimate its maximum dura-
tion as beginning at drainage initiation and extending to the
next normal record (0.6 days). If we assume this anomaly
began immediately prior to its measurement and ended im-
mediately prior to the next (normal) measurement, the
actual duration could be as little as 36 min. However, as
the record following the anomalous one was completely
back to the normal state with no hysteresis, it seems possible
that the transitions between states could take even less than
36 min.

That we have unequivocal measurements of transitions
occurring over about 1 km? of the bed in less than 36 min is
an unexpected result. It indicates that our daily seismic
sampling interval was too coarse to measure all the poten-
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tial changes that may have occurred and that, at least fol-
lowing jokulhlaups, this interval could justifiably be
decreased to 15 min during jokulhlaups,

The number of processes that can affect such a large area
so quickly and reversibly is limited, and these timing con-
straints are important for interpretation in terms of basal
morphology (N&E). A further constraint to he considered
is that, while the lake drainages appear to have caused both
the seismic anomalies and the increased motion, the two
effects may result from different processes as they often do
not strictly overlap, as shown in Figure 10.

CONCLUSIONS

We have conclusively demonstrated the feasibility of an
active seismic technique to measure temporal variations in
the bed of a glacier that relate to variations in basal motion.
After recording seismic reflections from the bed of Black
Rapids Glacier for a period of 45 days in spring 1993, we
found that the only measurements which showed significant
variation were immediately following jokulhlaups that also
caused increased glacier motion. While these particular
motion events were small and short-lived, these methods
could casily be adapted to investigate the changing sub-
glacial conditions that relate to why glaciers surge or form
ice streams. The spatial scale of these reflectors is much
larger than that sampled by individual boreholes. It should
also be noted that changing surface conditions, such as the
amount of meltwater present or small amounts of normal
glacier motion, do not affect the seismic reflection data.

We learned several new results regarding the basal dy-
namics of Black Rapids Glacier. Two of the seismic anoma-
lies were identical despite being caused by jokulhlaups [rom
different locations. In both cases, the anomalous measure-
ments returned to nearly pre-anomalous forms within
2days or less. Therefore the responsible mechanism is not
only independent of the origin of the basal water input but
also causes no permanent change to the bed’s seismic char-
acter. This mechanism must also be able (o act over the same
1km? area of the bed in less than 36 min. And because the
timing between the seismic anomalies and the inereased
basal motion varied with each event, we know that, while
they were both caused by jékulhlaups, the temporal correla-
tion between the two is not one-to-one.

The most important specific changes in the seismic

records were:

(i) The first P-P reflection disappeared during two of the
events, then returned to normal each time. This reflec-
tion comes [rom a location which is about 100 m above
the deepest part and on the north side of the glacier
valley (PPy in Fig 6).

(it} The P-P reflection that comes [rom the deepest part of
the valley cross-section (PP in Fig. 6) showed the least
change of any reflection.

(iii) The P-SV reflection coming from a location near P-P
reflector PPy decreased in amplitude to near zero
during the second two anomalies. The P-SV reflection
from the decpest part of the valley (near PP¢ in Fig, 6)
did not show strong changes on the horizontal geo-
phones, but it did on the vertical ones.

(iv) During the second two anomalies the 630 m P-P wave
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multiple (most likely from the deepest part of the val-
ley cross-section) showed clear phase reversals,

These results impose stringent constraints on the chan-
ging properties of the bed. In our second paper in this issue
(N&E) we investigate what changes in basal morphology
can lead to these observed seismic changes.
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APPENDIX A
WAVE SPEED DETERMINATIONS

o determine seismic wave speeds in the temperate ice of
Black Rapids Glacier, we could not employ the standard
techniques of refraction and common depth point (CDP)
analysis because these techniques require straight glaciers
of uniform cross-section and smooth beds relative to the ice
thickness. We instead used our daily and longitudinal data-
sets, and comparisons with borehole and RES depth meas-
urements. Consistent estimates of P-wave speed (Vp) were
obtained by several different techniques.

Daily records

Travel times of the direct P-waves on our daily records were
used to estimate Vp. This approach samples only the near-
surface ice in which the direct waves travel, and the speed
so determined may be different than the bulk ice at depth
due to differences in temperature, cracks and water and
bubble content. Velocity may be calculated by dividing the
known offset by the arrival time, or by dividing the distance
between two geophones by the difference in the arrival
times at the geophones (the “maove-out”). Since our timing
relative to the shot was inaccurate, the second approach was
utilized, and only when a minimum of eight accurate first
arrivals per record could be identified. The mean Vp was
3710 £45ms ' and 3657 +58 ms ' for the vertical and hor-
izontal geophones, respectively, as measured on 30 records
each.

The scatter is partly due to errors in the arrival times
(4] ms leads to £45ms ' error) and partly due to small dif-
ferences in near-surface ice conditions. However, there was
no correlation between the scatter and the time of season or
day.

Another way to extract wave speed is to compare the ar-
rival-time difference between the direct and body waves at a
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particular offset. We could not use this method, however,
because we do not know the ice thickness and bed slope with
suflicient accuracy.

Longitudinal records

Direct P-wave data from the longitudinal datasets may also
be used to determine Vp giving 3707 £25 ms ! The move-
out of the ground roll yields a Rayleigh wave speed (Vi) of
1687 and 1645ms ' for the vertical and horizontal geo-
phones, respectively. Vi increased over the summer as the
surface snow layer melted. The apparent anisotropy meas-
ured in the direct P-waves and ground roll was not observed
in the P-waves measured through the body of the ice.

Plotting the square of the arrival times for a reflected
wave vs the square of the offset gives another estimate of
Vp. A straight line in this plot has a slope of Vp 2. This
method gives 3698 £5ms ',

An estimate of the S-wave speed, Vs, can be obtained by
dividing Vg by 092, the theoretical ratio between the two
speeds. Choosing a late-season Rayleigh wave speed to be

more representative of pure ice gives Vg = 1850+ 75 ms .

Borehole and RES records

In spring 1996 we measured direct waves through the
glacier, using explosive sources and geophones placed in
deep boreholes. Shots were placed 150-325 m helow the sur-
face. Four experiments gave Vp = 3716 £53 ms . A further
measure of Vpwas obtained by comparing migrated seismic
depths with the depths of five horeholes drilled in 1996 (see
Fig. 4). Using Vp» = 3700 ms ' gives ice depths that are within
several meters of the borehole depths. Of course, the hot-
water boreholes may not have reached the same interface
as the seismic reflectors,

Comparisons of seismic and radar cross-sections (per-
sonal communication from T. Gades, 1994) from a trans-
verse section about 300 m up-glacier of the boreholes did
not yield useful constraints on Vp. The P-wave speed would
need o be unreasonably high (>3850 ms ') to match the
radar results. Using 3700 ms ' an average depth discrep-
ancy of about 45m is found between the two methods.
There may have been some timing delay in the radar system
or problems with the RES migration.

Comparison with previous research

Combining the various measurements of wave speeds, we
obtain the following estimates for Black Rapids Glacier ice:
Vo = 3704+40ms ', V5 = 1850£75ms 'and Vi = 1690
+40ms ' Rothlisberger (1972, figs 8 and 9) presents data
on Vp and Vs vs temperature, Both show a large decrease in
speed and a higher scatter as 0°C is approached. with values
for Vp ranging from 3600 to 3730 m s I and Vs between 1640
and 1730ms ' (with seven data points) at 0°C. Controlled
laboratory experiments indicate that the scatter is probably
real, and that the speed is sensitive to liquid at the grain
boundaries. The latter is dependent on the distribution of im-
purities and local heat transfer (Rothlisberger, 1972).

Bubble content must also be an important factor in the
sudden decrease in wave speed near 0°C. Mavko and Nur

(1975) present a theory for the seismic properties of a solid
matrix saturated with its own mel; they use the term
“squirt flow™ They find that the seismic properties of the
composite material (in their case, the asthenosphere)
change due to differences in compressibility and the move-
ment of the liquid relative to the solid. The pore fluid can
flow into vaporfilled void spaces (microcracks) during the
passage of an elastic wave. Thus, the degree of saturation
and the viscosity of the fluid will affect seismic wave speeds
and attenuation in the partially melted medium. As the ice
at the grain boundaries melts, the attendant decrease in
volume may change the saturation of bulk ice and thus its
compressional wave speed, but not its shear wave speed.
This process would affect temperate ice more than cold ice,
and explain both the decrease in speeds with increasing
temperature and the high scatter near melting tempera-
tures. Details on the role of saturation in controlling wave
speeds are given in Nolan (1997) and N& L.

APPENDIX B

ADJUSTING ERRORS IN TIMING

For daily data, the simplest approach to account for our tim-
ing errors is to pick the first arrival of the direct P-wave from
one particular geophone and shift all the traces by the same
value. This assumes that the Pawave speed is not varying,
which is a reasonable first approximation. We modified this
simple approach by picking first arrivals for all of the best
direct P-waves, fitting a least-squares line to them, then
shifting the records based on this best-fit line. The last step
was made by calculating the arrival time for geophone 11
using the best-fit line and shifting all the traces by a com-
mon value, This technique minimizes random errors asso-
ciated with picking arrival times from a single geophone.

A similar method was used in correcting the longitudi-
nal data. As the shot offset varied in increments of geophone
spread length (300 m), the first arrival of the direct P-wave
to the last geophone in a record should match that of the first
geophone in the next record. Lines of best fit through these
first picks were used to shift the records.

When the timing delays were so large that the direct
wave was cut off, as happened with about 12 daily records,
alternative methods were devised using similar approaches
with the ground roll and the reflected P-waves, but neither
of these methods was as accurate. The ground roll varies
throughout the summer as the snow melts and the reflection
arrival times are possibly changing daily. Errors in the long-
itudinal records so corrected did not suffer as much, because
they were collected within several hours of each other, mini-
mizing the chances for temporal changes in wave velocity.

By overlaying two daily records, it became immediately
obvious — to within the accuracy of the sample rate
whether the shifting was done properly or not. This was
because the records were nearly identical. The largest dilfer-
ence found in the original shift was 2 ms, and most were less.
Thus, we assume that the relative timing errors are about
I ms.
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